GEOPHYSICAL RESEARCH LETTERS, VOL. 0, NO. 0, PAGES 0-0, M 0, 1999

Huascaran δ^{18}O as an indicator of tropical climate during the Last Glacial Maximum

R. T. Pierrehumbert

Dept. of Geophysical Sciences, University of Chicago, Chicago, Illinois

Abstract. The interpretation of the isotopic composition of Andes tropical mountain glaciers is reconsidered using a simple Rayleigh distillation model. It is shown that Andes snowline depression and Huascaran ice core δ^{18} O are consistent with a 3^∘C drop in sea surface temperature during the Last Glacial Maximum, accompanied by an increase from 40% at present to 60% during the LGM in the annual mean proportion of atmospheric water lost to continental runoff. Broecker’s interpretation of Huascaran δ^{18} O as a paleo-hygrometer is discussed.

1. Introduction

The behavior of the tropics during the Last Glacial Maximum (LGM) has emerged as a crucial test of models used to understand the climate system [Guilderson et al., 1994; Broecker, 1994, 1995; Broccoli and Manabe, 1987]. Tropical glaciers provide an important window into past behavior of this region. The Huascaran ice core recovered by [Thompson et al., 1995] represented a breakthrough, providing a continuous record of δ^{18} O in tropical precipitation going from the Holocene back to the LGM. Thompson et al. tentatively suggested LGM temperatures 8-12^∘C cooler than present, based on an empirical δ^{18} O-temperature relation [Dansgaard, 1965]. We present a re-interpretation based on a priori physics, which shows that the isotopic data does not demand such a large cooling. Simple models of the type employed herein provide a complement to more intricate studies based on general circulation models [Joussaume et al., 1984; Hoffman et al., 1998], while avoiding the pitfalls inherent in empirical δ^{18} O-T relations. We consider in detail only the implications of Huascaran data for the LGM, but the treatment illuminates the issues involved in interpretation of tropical glacial isotope data from other sites, and referring to other times.

2. Model description

Our calculation is similar to that used by [Boyle, 1997] to interpret Greenland ice-core δ^{18} O. The usual interpretation of such data is in terms of empirical relations between present δ^{18}O and temperature [Dansgaard, 1965]. However, fractionation is a function not of the final temperature of a parcel when it precipitates onto the glacier, but rather of the difference between the initial temperature at which the parcel picks up moisture and the final temperature; more precisely, it depends on the ratio of the initial and final water vapor content, which in turn is closely related to

Copyright 1999 by the American Geophysical Union.

Paper number 1999GL900000. 0094-8276/99/1999GL900000$05.00 temperature. Insofar as one can expect the temperature of the source air to be different in a glacial world, isotopic paleothermometry based on empirical relations drawn from the present climate is suspect. Boyle employed an equilibrium Rayleigh distillation process, based on source air with a temperature related to the tropical sea surface temperature and precipitating air with a temperature related to the glacier’s surface temperature.

The distillation model is less problematic in the tropical case than for polar ice. The premise of a global fractionation process involving a source vapor at a unique tropical temperature is meteorologically implausible for polar regions, and owing to the large extratropical temperature gradient, a small shift of the location of source water could lead to a large shift of glacial δ^{18}O. Boyle used the calculation only to determine the intercept of the δ^{18} O - T relation, continuing to rely on empirical relations to determine its slope. For the tropics, one has a much better handle on the temperature and humidity of the source air, since it is virtually certain that the moisture snowed out on Huascaran comes from somewhere in the tropics (defined as the region 25N- 25S), and most probably the tropical Atlantic. Further, the temperature and humidity of the tropical boundary layer are relatively horizontally uniform, so that one can tolerate quite large errors in the location of the source air without incurring serious errors in the final isotopic composition. We therefore carry out our interpretation of the Huascaran record without recourse to the empirical slope. In addition, we allow for pre-fractionation due to re-distillation on the way to the Andes, associated with water loss due to runoff. This effect is crucial to the large annual isotopic cycle observed in the modern-day high Andes [Grootes et al., 1989].

The air parcel which ultimately drops precipitation onto the glacier is presumed to begin life in the marine boundary layer at sea level pressure ps, with a temperature Ts , a specific humidity q0 , and vapor isotopic composition δ0 . A fraction r of the initial vapor is lost by runoff of precipitation over the continent on its way to the foothills, and the remaining fraction (1 − r) evapotranspirates back into the continental boundary layer. Thus, the inland boundary layer vapor has composition δ1 = (1+δ0)(1−r)^{α1−1} −1 where α1 is the equilibrium coefficient at the temperature at which the prefractionation occurs. The precipitation deposited at Huascaran is presumed to form when the prefractionated pool of moisture is lifted to an altitude zp, which must lie above the surface of the glacier (6048m). The temperature T (zp) is assumed to be related to Ts by the moist adiabat starting from the lifted condensation level corresponding to qo and Ts . The moist adiabat closely fits T (z) for the present tropics [Xu and Emanuel 1989] , and in the absence of compelling evidence to the contrary one should assume the same for the LGM. The air parcel is assumed saturated when it 1

2 PIERREHUMBERT: OXYGEN ISOTOPES IN TROPICAL GLACIERS

precipitates, whence the final moisture content is given by the saturation specific humidity at T (zp). The final isotopic composition of the vapor and precipitation can then be obtained by integrating Eqn. (12) of [Jouzel, 1986] subject to initial condition δ = δ1 , using fractionation coefficients from [Jouzel, 1986]. Because the coefficients are only weakly dependent on temperature, our results are not very sensitive to the temperature at which the prefractionation occurs. The prefractionation step was carried out at T = Ts −5^∘C. Standard formulae reviewed in [Xu and Emanuel 1989] were used to compute the saturation vapor pressures and moist adiabat. The temperatures aloft range from well above freezing to well below freezing. Whether one is condensing into liquid or ice affects the saturation vapor pressure, and also the equilibrium fractionation coefficient. We incorporated the effects of supersaturation by using a weighted average between the liquid and ice saturation vapor pressures which shades over between the all-liquid formula at 0^∘C to the allice formula a -20^∘C linearly with temperature. The same weighting coefficients were used to effect the transition between liquid and ice fractionation coefficients.

To determine δ0 in terms of the isotopic composition of the sea water, δL, we use the Craig-Gordon model [Craig and Gordon, 1965]. In a steady state this yields δ0 = δL − (ϵ^∗ + (1 − h)C_k ), where ϵ^∗ is the equilibrium fractionation increment, h is the boundary layer relative humidity, and C_k is the diffusive resistance coefficient (determined from present observations).

3. Application to Huascaran

As noted by [Broecker, 1997], tropical glaciers provide us with two bits of information about the climate of the LGM: snowline, and glacial δ^{18} O. The correct interpretation of snowline data was discussed by [Betts and Ridgway, 1992], and suggests a 2-3C sea level cooling at the LGM. We use the snowline and δ^{18} O to constrain the surface temperature and the runoff fraction r. To close the problem, one needs observations or assumptions regarding h and zp.

Present conditions are summarized in Table 1. With a surface temperature of 298K, the thermodynamic model matches the observed present day freeze line. The stated δ0 is supported by coastal vapor data quoted in [Moreira et al., 1997]. r is constrained by the observed annual cycles of precipitation in the foothills of the Andes, and of recent snow deposited in Andes glaciers. Rainfall data implies that 80% of the original water is lost to runoff in the rainy season, but that virtually all rainfall re-evaporates into the boundary layer during the dry season [Grootes et al., 1989]. The δ^{18}O of recent Huascaran snowfall ranges from about -27^o/ooto -13^o/oo([Thompson et al., 1995], Fig. 6A). Using our model, these observations imply a precipitation altitude of 6000m during the wet season, and 6600m in the dry season. To match the annual average composition of -17^o/oo we fix the precipitation height at the mean of the seasonal extremes (6300m) and take r = .4 . This is close to runoff estimates based on streamflow and precipitation data [Moreira et al., 1997; Salati et al., 1979].

During the LGM, snowline was depressed and the δ^{18}O of glacial precipitation was more negative. Known parameters for the LGM [Betts and Ridgway, 1992; Thompson et al., 1995; Broecker, 1997] are summarized in Table 1. For the moment we assume that glacial age h was the same as at present. Currently, h varies little over a wide range of conditions encountered in the tropics (e.g. [Broecker, 1997]). It could change appreciably in response to extreme changes in the low level wind [Betts and Ridgway, 1992]. The implications of h variation will be taken up in the Discussion.

What could we say on the basis of isotopic data alone? Figure 1 shows δ^{18}O vs. height for LGM conditions as calculated by the Rayleigh model with r fixed at its present value, for various surface temperatures. As surface temperature decreases, the δ^{18} O aloft becomes more negative. This occurs partly because the temperature lapse rate becomes steeper as the atmosphere gets colder. Further, the saturation vapor pressure curve is not exactly exponential in temperature, with the consequence that cooling a parcel from, say, 290K to 270K wrings out a greater fraction of the original water than cooling it from 295K to 275K. If we keep the precipitation height and runoff ratio fixed at current values, then a surface temperature of 292.5K matches the LGM isotopic data. Allowing precipitation height to change, temperatures colder than 291.25K can still be ruled out, as they would require a precipitation height below Huascaran ground level. On the warm side, an LGM surface temperature of 297K, as implied by CLIMAP [CLIMAP, 1976], would require the precipitation height to increase dramatically to 7500m. If one allows the runoff ratio to change, however, the isotopic constraint on temperature becomes weak. If r=0 (i.e. the LGM runoff picture year round becomes like the present dry season), then temperatures as cold as 288.5K can be accomodated. On the warm side, if r increases to .72 (year round like the present wet season), then a surface temperature of 298K can be accomodated without any change in precipitation altitude from the present value.

If we invoke the snowline constraint, then the thermodynamic model fixes the LGM sea surface temperature at 295K, as in [Betts and Ridgway, 1992]. Then, in order to account for the isotopic data, the runoff ratio must increase to 60% if we demand that the precipitation height remain at its present value. However, if the precipitation height rises to 6653m in glacial times, the runoff ratio need increase to only 50%, and if the precipitation height were 6950m, the runoff could remain at its present value of 40%. In order to drop the runoff ratio to 30% one must increase the precipitation height to 7176m.

A substantial increase in precipitation height is hard to justify for upslope precipitation, so the isotopic data leads us to infer a greater runoff percentage during the LGM. This is

Figure 1. Computed isotopic composition of precipitation, as a function of the altitude at which the precipitation forms. The runoff ratio is held fixed at 40%.

a surprising result. In the colder glacial climate, one expects less precipitation because there is less moisture in the air. Hence, one might expect the whole year to behave more like the present dry season, during which time little or no precipitated water is lost to runoff. We speculate that changes in vegetation during the LGM led to less efficient evapotranspiration. Some of the apparent increase in runoff may actually reflect a shift from transpiration to evaporation. Transpiration doesn’t fractionate [Moreira et al., 1997], while evaporation preferentially releases isotopically light water. If water is 100% recycled this doesn’t matter, but if recycling is partial a shift to evaporation increases pre-fractionation even if the runoff ratio is fixed. Significantly, forest is dominated by transpiration, while grasslands are dominated by evaporation [Moreira et al., 1997]. The interpretation of isotopic fluctuations in snowfall would then be dependent on time scale, since short-lived climate fluctuations might not allow the turnover in vegetation needed to increase the pre-fractionation.

4. Discussion

Broecker, [1997] has argued that the Huascaran data implies that the mid-tropospheric relative humidity was lower at glacial times than it is today. This would support a role for anomalous water vapor radiative feedbacks in enhancing tropical climate fluctuations. The thermodynamics used by Broecker differ only inconsequentially from our moist adiabat calculation. Recognizing that cooling compatible with snowline data does not yield enough fractionation to account for the observed LGM isotopic lightness, Broecker posits the removal of sufficient additional water from the air parcel to yield the desired lightness; the water thus removed is translated into a lowering of the water vapor content of the air over Huascaran. The problem with this interpretation is that one can only remove water from the air parcel by forming precipitation, and precipitation forms only if the parcel is lifted and cooled enough to bring it to saturation. Hence, Broecker’s argument only says that the water vapor content was lower at the altitude at which the parcel becomes saturated and at which the precipitation falling on Huascaran forms. This is, in essence, an inference of the precipitation height. It constitutes information about the water content at a single point of those special trajectories which happen to drop snowfall at Huascaran, and is an insufficient basis for drawing inferences about water vapor content elsewhere in the tropics.

The general peril in isotopic paleoclimate proxies is that the data may reflect a change in the source vapor due to a minor circulation change, rather than a widespread change in a major climate variable such as temperature or runoff. While this problem is less severe in the tropics than in the extratropics, it is by no means absent. Suppose that the temperature profile is held fixed at that which is consistent with the LGM snowline, but that the temperature and relative humidity of the source air in the isotope calculation is varied. If Ts is held fixed while h is reduced to 60% (which is well below the lowest Atlantic value currently observed from 20N to 20S), then kinetic effects reduce δ0 to -14.6^o/oo, but this is offset by the reduction in q0 , whence our estimate of r is reduced inconsequentially, to 59%. If h is fixed at 80% but the source water temperature is reduced from 295K to 285K (a difference comparable to the maximum present day difference between coastal Brazil at 10S and coastal Africa at 20S) then the reduction in q0 dominates, reducing the altitudeeffect fractionation, and our estimate of r increases to 77%. This possibility notwithstanding, we think it most likely that the Huascaran data reflects conditions in the Western Atlantic, as it is unlikely that vapor could retain its initial isotopic stamp after travelling thousands of kilometers in the boundary layer at speeds of around 5m/s.

The interpretation of Huascaran δ^{18} O is less constrained than one would like, and additional effects further complicate the picture. Evaporative enrichment of the firn could be

4 PIERREHUMBERT: OXYGEN ISOTOPES IN TROPICAL GLACIERS

canceling some of the pre-fractionation. The kinetic corrections to the Rayleigh model, discussed in [Jouzel and Merlivat, 1984], are only crucial at polar temperatures, and falling or retained ice crystals do not re-equilibrate with ambient vapor [Jouzel, 1986]. However, the tropical regime permits mixed phase water/ice clouds, in which both kinetic effects and re-equilibration effects due to retained water could be important. The retained-water effect causes precipitation to be less isotopically light than would be expected on the basis of open-system Rayleigh distillation [Jouzel, 1986]. Thus, the true precipitation heights may be somewhat greater than we estimated, with the δ^{18}O being brought back to observed values through the retained-water effect. Because kinetic fractionation of HDO procedes differently from H^{18}_2 O, HDO measurements in tropical ice cores would narrow the possibilities, and also help detect changes in boundary layer relative humidity. Some of the ambiguity between runoff and precipitation height effects can be resolved through a better understanding of the synoptic setting in which Andes snowfall occurs, such as may derive from new field campaigns [Hardy et al., 1998] and satellite-based rainfall observations such as TRMM.

However these issues play out, our results point clearly to the importance of accurate treatment of runoff and land surface processes, and to the compatibility of the isotopic data with LGM tropical temperatures on the order of 3C cooler than at present. Isotopic data taken alone does not strictly rule out a colder tropics, but it does not require it either.

Acknowledgments. This work was supported by the National Science Foundation, under award ATM-9505190.

References

Betts, AK and Ridgway, W 1992: Tropical boundary layer equilibrium in the last ice age. J. Geophys. Res., 97, 2529-2534.

Boyle EA 1997: Cool tropical temperatures shift the global δ^{18} O- T relationship: An explanation for the ice core δ^{18} O-borehole thermometry conflict? Geophys. Res. Lett., 24, 273-276.

Broccoli, A. J., and S. Manabe, 1987: The influence of continental ice, atmospheric CO2, and land albedo on the climate of the last glacial maximum. Climate Dynamics 1, 87-99.

Broecker WS 1994: Massive iceberg discharges as triggers for global climate change. Nature 372, 421-424.

Broecker WS 1995: Cooling the tropics. Nature 376 212-213. Broecker WS 1997: Mountain glaciers: Recorders of atmospheric water vapor content? Global Biogeochem. Cycles 11, 589-597.

CLIMAP project members 1976: The surface of the ice-age Earth.

Science 191, 1131-1137.

Craig H and Gordon L 1965: Deuterium and oxygen 18 variation in the ocean and marine atmosphere. in E. Tongiorgi (Editor) Stable Isotopes in Oceanographic Studies and Paleotemperatures, Spoleto 1965. CNR, Pisa pp 9-130.

Dansgaard WS 1964: Stable isotopes in precipitation. Tellus 16, 436-468.

Grootes PM, Stuiver M, Thompson LG, and Moseley-Thompson E. 1989: Oxygen isotope changes in tropical ice, Quelccaya, Peru. J. Geophys. Res., 94D1, 1187-1194.

Guilderson, T. P. , Fairbanks, R.G. and Rubenstone, J. L 1994:

Tropical temperature variations since 20000 years ago: Modulating interhemispheric climate change. Science 263 663-665.

Hardy, DR., Vuille MR, Braun CR, Keimig FR, and Bradley RS, 1998: Annual and Daily Meteorological Cycles at High Altitude on a Tropical Mountain. Bull. Am. Meteorol. Soc. 79, 1899-1913.

Hoffman G, Werner M and Heimann M 1998: Water isotope module of the ECHAM atmospheric general circulation model: A study on timescales from days to several years. J. Geophys. Res., 103D14, 16871-16896.

Joussaume J, Sadourny R and Jouzel J 1984: A general circulation model of water isotope cycles in the atmosphere. Nature 311, 24-29.

Jouzel J 1986: Isotopes in cloud physics: Multiphase and multistage condensation processes. in Handbook of Environmental Isotope Geochemistry, Volume 2, P. Fritz and J.Ch. Fontes, eds. Elsevier, pp 61-112.

Jouzel J and Merlivat L 1984: Deuterium and oxygen 18 in precipitation, modelling of the isotopic effects during snow formation. J. Geophys. Res., 89, 11749-11757.

Moreira MZ, Sternberg L, Martinelli LA, Victoria RL, Barbosa EM, Bonates LCM and Nepstad DC 1997: Contribution of transpiration to forest ambient vapour based on isotopic measurements. Global Change Biology, 3,439-450.

Salati E, Dall’Olio A, Matsui E, and Gat JR 1979: Recycling of water in the Amazon Basin: An Isotopic Study. Water Resources Res, 15, 1250-1258.

Thompson LG, Mosley-Thompson E, Davis ME, Lin P.-N, Henderson KA, Cole-Dai J, Bolzan JF and Liu K.-b 1995: Late glacial stage and holocene tropical ice core records from Huascaran, Peru. Science 269 46-50.

Xu KM and Emanuel KA 1989: Is the tropical atmosphere conditionally unstable? Mon. Weather Rev., 117, 1471-1479.

R. T. Pierrehumbert, Dept. of Geophysical Sciences, University of Chicago, 5734 S. Ellis Ave, Chicago, IL 60637, (e-mail: rtp1@geosci.uchicago.edu)

(Received December 14, 1998; revised February 19, 1999; accepted February 25, 1999.)